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Abstract 10 

The past decade has seen tremendous progress in the application of ocean 11 

remote sensing to the study of the global ocean circulation.  This paper provides 12 

a summary of the resultant advances in our understanding of the key processes 13 

of the ocean that affect climate variability.  Many of the advances result from the 14 

combined usage of remote sensing from multiple types of measurement and in-15 

situ observations.  Remotely sensed ocean variables include sea surface height, 16 

wind, temperature, salinity and color, as well as the variable mass of the ocean 17 

and ice from spaceborne measurement of the earth’s gravity field.  These 18 

observations have often been analyzed with various in-situ observations, 19 

including moored buoys, hydrographic profiles, surface drifters, and Argo floats.  20 

The general circulation of the ocean as manifested by the ocean surface dynamic 21 

topography from satellite altimetry, and the geoid from satellite gravity 22 

measurements, can now be determined at scales approaching 100 km.  The 23 

information from surface drifters and Argo floats has added more details through 24 

the upper ocean depths.  The large-scale changes of the ocean on decadal scales 25 

reveal complex geographic patterns in relation to the changes in the atmospheric 26 

forcing.  The causes for the slow rise of the global mean sea level are diagnosed 27 

in terms of the steric and mass change of the ocean.  The bottom pressure 28 

inferred from ocean mass change measured from space provides direct 29 

observation of the barotropic variability of the ocean.   The detailed information 30 

of ocean surface wind measured from scatterometry and temperature from 31 

infrared and microwave radiometry reveals a positive correlation between the 32 

two, leading to new understanding of air-sea interactions at scales below 1000 33 

km. Data combined from multiple satellite altimeters through optimally designed 34 

processing have revolutionized the study of the global ocean mesoscale 35 

processes, revealing new information on the spectral transfer of energy and on 36 
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global eddy propagation characteristics which vary in relation to the mean 37 

circulation, bottom topography, and the nonlinearity of eddy dynamics.  The 38 

gridded fields of remote sensing data have made satellite observations routinely 39 

accessible to general users for scientific and operational applications.  The 40 

outlook for future development in ocean remote sensing is also discussed. 41 
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1. Introduction 61 

The planning of WOCE in the early 1980s was partly motivated by the 62 

feasibility of observing the world’s oceans from space as demonstrated by 63 

Seasat.  Satellite altimetry and scatterometry missions were developed as 64 
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essential components of the observing system for the measurement of sea 65 

surface height and wind, while sea surface temperature was routinely observed 66 

by various operational infrared and microwave satellite sensors.  Satellite remote 67 

sensing was indeed a key contributor to the success of WOCE as reported in 68 

Siedler et al. (2001). 69 

 70 

One of the legacies of WOCE has been the recognition of the importance of 71 

satellite remote sensing for monitoring and understanding ocean circulation and 72 

climate on a long-term basis.  The past decade since the completion of WOCE 73 

has seen tremendous progress in ocean remote sensing.  Precision altimetry 74 

demonstrated by TOPEX/Poseidon was succeeded by Jason-1, followed by 75 

Jason-2, and to be continued as operational missions in the future. The utility of 76 

multiple altimetry missions for enhanced spatial and temporal resolution has 77 

been exploited for revolutionary advances in the study of oceanic mesoscale 78 

eddies and operational applications.  The first decade-long record of scanning 79 

scatterometry has revealed previously unknown small-scale features of the 80 

global wind field.  Coupled with new microwave radiometer observations of sea 81 

surface temperature, the new findings of the wind field have advanced our 82 

understanding of air-sea interaction of great importance to climate.  A new 83 

technique of observing Earth’s gravity field and its variability from space was 84 

developed and demonstrated, leading to the capability of detecting the mass 85 

change in the ocean associated with ocean circulation as well as from melting ice 86 

on land.  These advances in the study of ocean circulation and climate are 87 

reviewed in this paper. 88 

 89 

The topics discussed are arranged based on temporal and spatial scales in  90 

decreasing order. We begin with the ocean general circulation and we emphasize 91 

the contributions from remote sensing and its impact on the circulation at depth.  92 

The discussion of the  variability of the large-scale ocean circulation is based on 93 

observations from space: sea surface height from altimetry, ocean mass and 94 

bottom pressure from gravity measurements, atmospheric forcing and air-sea 95 

interaction from scatterometry and radiometry.  The progress made in global 96 

mean sea level change benefits greatly from a combination of altimetry and 97 

gravity measurements.  Owing to the increasing number of altimetry missions, 98 

the advances in our understanding and processing of the data, coupled with 99 

increased sophistication in using multiple observations, the advance in the study 100 

of the oceanic mesoscale processes has been substantial over the last decade, and 101 

is discussed in detail in this review. 102 
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2. Ocean general circulation 103 

A major goal of oceanography is the determination of the global ocean general 104 

circulation, defined as time averaged currents of the world’s oceans at all depths.  105 

It has long been recognized that satellite altimetry is a viable approach to the 106 

surface boundary condition by measuring the sea surface height (SSH) that in 107 

combination with the knowledge of the geoid would lead to estimates of the 108 

surface geostrophic current velocity.  There have been technical challenges to 109 

the approach: meeting the required accuracy of both the altimetry measurement 110 

and the knowledge of the geoid.  Over the decade of the 1990s the 111 

TOPEX/Poseidon Mission demonstrated the centimetric accuracy of SSH 112 

measurement (Fu, 2001).  However, the knowledge of the geoid was not 113 

sufficiently accurate for determining the surface circulation at scales shorter than 114 

1000 km.   115 

 116 

As part of WOCE, a large number of surface drifters were deployed in the global 117 

oceans to measure the surface current velocity (Niiler, 2001).  The wind-driven 118 

Ekman component of the surface velocity was removed to obtain the surface 119 

geostrophic velocity (Niiler et al, 2003).  Recognizing the relatively sparse 120 

coverage of the drifters, Niiler et al (2003) used the dense coverage of the 121 

altimetry observations from multiple missions to correct for the sampling bias of 122 

the drifter observations. A mean dynamic topography of the global oceans was 123 

then constructed for estimating the surface geostrophic velocity.  This result is 124 

unique in providing the details of the surface circulation at a resolution much 125 

higher than the geoid models would allow, but it might be less accurate at large 126 

scales owing to the lack of a geodetic reference.  Using a technique that 127 

combined estimates from altimetry and geoid with in-situ hydrographic and 128 

drifter observations, Rio et al (2011) produced an estimate of global mean 129 

dynamic topography that is optimally constrained by observations at all scales 130 

(Fig. 1).  A similar approach was used by Maximenko et al (2009) to obtain an 131 

estimate that is consistent with the dynamic topography derived from altimetry 132 

and the GRACE Geoid at large scales while the information at small scales was 133 

dominated by drifter observations (the reader is referred to Chapter 4.2 for more 134 

discussions).   135 

 136 

One of the objectives of geodetic satellite missions like GRACE and GOCE is to 137 

provide geoid models that can be used with altimetry observations for 138 

determining ocean general circulation.  The geoid model derived from the 139 

GRACE mission has led to significant improvement in determining ocean 140 
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circulation (e.g., Jayne, 2006) in comparison to previous results, but the 141 

improvement is limited to scales larger than 300 km (Tapley et al., 2005).  The 142 

preliminary geoid models from the GOCE mission, which is more sensitive to 143 

small-scale gravity variability, have probably improved the resolution to about 144 

200 km.    145 

 146 

The mean dynamic topography produced from drifter and altimetry observations 147 

has provided a fruitful dataset for studying the ocean circulation dynamics.  For 148 

example, Hughes (2005) discovered that the dynamic topography was 149 

sufficiently accurate to allow sensible calculations of highly-differentiated 150 

quantities such as the relative vorticity advection.  He performed analysis of the 151 

vorticity balance of the Antarctic Circumpolar Current (ACC) using the dataset 152 

and identified two modes of the mean current flow.  One behaves like stationary 153 

equivalent-barotropic Rossby waves and the other exhibits divergence associated 154 

with topographic features. 155 

 156 

A new feature of the ocean general circulation is visible only after a high-pass 157 

filter is applied to the mean dynamic topography, revealing jet-like features with 158 

small velocities of order 1 cm/s (Maximenko et al, 2008).  These features are 159 

also present in the upper ocean temperature observations as well as simulations 160 

by high-resolution ocean general circulation models (Richards et al.,2006).  161 

Multiple frontal features have also been found in the ACC as reported by 162 

Solokov and Rintoul, 2009 a,b).  By analyzing the gradient of altimetry-163 

measured SSH, they were able to identify up to 12 distinct fronts across the 164 

ACC.  Each front was basically associated with a given streamline associated 165 

with a contour of SSH along the entire circumpolar path.  From the relationship 166 

between the ACC fronts and the SSH contours, the authors concluded that the 167 

ACC fronts had shifted southward by 60 km during the period from 1992-2007.  168 

By analyzing simulated virtual drifters advected by the surface velocity derived 169 

from 17 years’ worth of satellite altimeter data, Thompson and Sallée (2012) 170 

found that cross-front transport of water is concentrated at the lee of major 171 

bathymetric features. They also stressed the effects of topography in breaking 172 

the circumpolar continuity of fronts and jets in the Southern Ocean. 173 

 174 

The combination of satellite altimetry, gravity, and surface drifter observations 175 

has led to a mean dynamic topography that is probably the best that can be 176 

achieved with today’s technology. Since the early 2000s, efforts like the OSCAR 177 

Project (Bonjean and Lagerloef, 2002) have produced routine estimates of the 178 
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ocean surface current velocity.  Dynamic topography based on hydrographic 179 

climatology was used with altimetry observations for estimating the surface 180 

geostrophic velocity, to which a wind-driven Ekamn component was added 181 

using scatterometer wind to produce the total velocity.  Recently, the new mean 182 

dynamic topography has been used for such efforts like the CTOH project 183 

(Sudre and Morrow, 2008). 184 

 185 

The advent of the global observations of the upper ocean density and mid-depth 186 

circulation by the Argo floats has provided an opportunity for constructing three-187 

dimensional circulation of the upper ocean.  However, the relatively sparse 188 

distribution of the floats presents a sampling issue similar to that for the surface 189 

drifter observations.  Willis and Fu (2008) made an attempt to combine Argo 190 

and altimetry data to mitigate the sampling errors of the Argo observations and 191 

construct the three dimensional geostrophic circulation of the North Atlantic 192 

Ocean north of 35 N.  They applied linear regression analysis to the relationship 193 

between SSH and subsurface density and velocity fields.  The dense and uniform 194 

coverage of altimetry data was exploited to make corrections to the Argo data 195 

for sampling errors caused by infrequent and irregular coverage of the floats.  196 

Shown in Fig. 2 is the dynamic height at 1000 db averaged from 2004-2006.  197 

The small-scale details are striking when compared to previous results.  This 198 

map is the first estimate of mid-depth dynamic topography based on well-199 

sampled observations.  The small-scale features are primarily resulting from the 200 

short duration of averaging not sufficient for removing the eddy variability.   201 

Applying this technique to the global ocean using a longer data set in the future 202 

will make a major advance in our knowledge of the upper ocean circulation. 203 

 204 

A detailed analysis of the results of Willis and Fu (2008) by van Sebille et al 205 

(2011) has revealed jet-like striations in the zonal current velocity at 1000 m 206 

depth as well as the vertical zonal velocity profiles in the upper ocean above 207 

1000 m.  This has further confirmed the existence of such features as noted 208 

previously in the mean dynamic topography from surface drifter and altimetry 209 

observations as well as ocean general circulation models.  However, Schlax and 210 

Chelton (2008) suggested that these features might be merely the result of eddies 211 

that are not completely averaged out of the estimate of the mean circulation from 212 

a relatively short data record.  213 

3. Variability of the large-scale ocean circulation 214 
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3.1 Sea Surface Height 215 

Since the launch of TOPEX/Poseidon and ERS-1 in the early 1990s, there have 216 

been at least two satellite altimeters operating simultaneously for measuring the 217 

global SSH.  These observations have provided the first opportunity to study the 218 

change of sea level and ocean circulation on time scales longer than a decade.  219 

Displayed in Fig. 3 is a map showing the trend of sea level estimated for the 220 

period of 1993-2009 (Willis et al, 2010, and many others referenced in that 221 

paper).  This complex geographic pattern is perhaps one of the most significant 222 

recent findings in oceanography.  Decadal changes in the ocean have been 223 

predicted by theories for a long time (e.g., Gill, 1982), but direct observations 224 

showing their geographic pattern rich in all scales have not been possible before. 225 

 226 

Superimposed on the basin-scale variability expected of the decadal scales is 227 

small-scale noise exhibiting the residual effects of eddy variability, indicating 228 

that even a 17-year averaging is not sufficient to remove the eddy noise.  Based 229 

on atimetric frequency spectrum of SSH, Hughes and Williams (2010) estimated 230 

the record length required to reduce the statistical errors from ocean eddies in 231 

studying low-frequency large-scale variability.  Their estimates range from a 232 

decade in regions of low eddy energy to more than half a century in regions of 233 

high eddy energy.  Nevertheless new understanding of the decadal-scale change 234 

of the ocean has emerged from many studies motivated by the altimetry data. 235 

 236 

While the globally averaged sea level measured by altimetry shows an overall 237 

rising trend at a rate about 3 mm/year (see section 3.3), the regional trend has 238 

both positive and negative values.  The global mean sea level rise over the past 239 

17 years is probably associated with global warming, but the regional variability 240 

to a large extent is due to natural causes. The largest regional sea level rise takes 241 

place in the western tropical Pacific Ocean where the sea level rise rate exceeds 242 

10 mm/yr. Much of this rise is related to the strengthening of the atmospheric 243 

Walker circulation that generates anticyclonic wind stress curls over the region. 244 

Using a simple reduced-gravity model, Timmermann et al. (2010) showed that 245 

the enhanced wind stress curl had caused Ekman flux convergence and led to the 246 

enhanced regional sea level rise. This simple dynamic model was also adopted 247 

by Qiu and Chen (2006) in quantifying the decadal strengthening of the southern 248 

limb of the South Pacific subtropical gyre in connection with the surface wind 249 

forcing of the Southern Hemisphere westerlies.  The study by Bromirski et al 250 

(2011), based on analyzing sea level in relation to wind forcing over many 251 
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decades, suggests that the minimal change along the Pacific coast of North 252 

America is caused by a long-term change of wind stress pattern. 253 

 254 

It has been suggested that a super gyre of the Southern Ocean, connecting the 255 

subtropical gyre of the Indian Ocean with that of the South Pacific Ocean 256 

(Roemmich, 2007; Ridgeway and Dunn, 2007), has been strengthening caused 257 

by the increasing wind forcing from the effects of ozone depletion and global 258 

warming (Cai, 2006).  This notion is consistent with Fig. 3, showing a positive 259 

trend in the South Pacific and the Indian Ocean.  The change in the South Pacific 260 

was studied in detail by Roemmich et al. (2007).  The two maps shown in Fig. 261 

4a reveal the change in sea level over a period of nearly a decade.  There is a 262 

large scale rise of sea level.  This change is apparently caused by the change in 263 

the wind forcing over the region, as shown in the map (Fig. 4b) of the change of 264 

sea level pressure.  The increase in pressure caused a counterclockwise wind 265 

patter that drives a convergence of surface water into the region east of New 266 

Zealand, leading to sea level rise.  This convergence is shown by the shade scale 267 

in terms of vertical motion.  A negative value is associated with downward 268 

motion caused by the convergence. 269 

 270 

The trend of sea level in the North Atlantic Ocean has been studied by Hakkinen 271 

and Rhines (2004, 2009).  The North Atlantic subpolar gyre south of Greenland 272 

is characterized by a depression of SSH in association with a cyclonic 273 

(counterclockwise) circulation.  This gyre is linked to the Atlantic Meridional 274 

Overturning Circulation (AMOC) that controls the northward transport of heat in 275 

the Atlantic Ocean. The positive trend south of Greenland and the negative trend 276 

in the Gulf Stream region lead to a weakening of the North Atlantic subpolar 277 

gyre.  However, the weakening trend has slowed down since 2004. Changing 278 

wind patterns are one apparent cause for the variability of the gyre. The ocean 279 

overturning circulation (i.e., the AMOC) also brings warm waters north from the 280 

subtopics, possibly contributing a negative warm-water feedback leading to the 281 

weakening of the gyre.   Together, atmospheric forcing and oceanic overturning 282 

circulation cycles can orchestrate large decadal changes in ocean temperatures 283 

and circulation, which contribute also to Atlantic Multidecadal Variability at the 284 

50 to 100 year time scale.  285 

 286 

Monitoring the AMOC has become a priority as climate simulations suggest a 287 

significant slowdown of the overturning during the next century as a result of 288 

global warming (Hu et al., 2009). Observing the AMOC is an extraordinary 289 
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observational challenge because it requires measuring the net transport from east 290 

to west across the entire basin. Historically, full-depth hydrographic transects 291 

have been used (Bryden et al., 2005), but these provide only snapshots of the 292 

overturning. More recently, a dedicated mooring array was deployed at 26.5°N, 293 

establishing a time series of overturning strength at that latitude (Cunningham et 294 

al., 2007). Efforts continue, however, to leverage the global ocean observing 295 

systems in order to supplement such dedicated measurements.  296 

 297 

Willis (2010) showed that the AMOC could be measured using satellite altimeter 298 

observations in combination with temperature, salinity and velocity data from 299 

the Argo array of profiling floats, for a narrow band of latitudes around 41°N. 300 

Willis showed that the overturning there experienced substantial seasonal to 301 

interannual variability, although less so than at 26.5°N. Despite predictions that 302 

the overturning will eventually slow due to global warming, Willis showed that 303 

there was no significant slowing at this latitude since 2002, and altimeter data 304 

suggest a small increase since 1992. However, in the subpolar gyre, combined 305 

altimetry and repeat hydrographic sections between Europe and Greenland show 306 

a net slowing of the upper ocean northward transport over the last 15 years 307 

(Gourcuff et al., 2011), which has an impact on the higher latitude overturning 308 

circulation. This work relied heavily on the high spatial and temporal resolution 309 

of the altimeter data to reduce the sampling error caused by small mesoscale 310 

features like eddies. Such analyses would suffer substantial increases in error 311 

without altimetry observations. 312 

 313 

As noted earlier a linear trend estimated from a record of limited duration is 314 

prone to statistical errors.  A case in point is the region of the western tropical 315 

Pacific and Indian Oceans.  If one computes trends over two different periods: 316 

1993-2000 and 2000-2006, as reported in Lee and McPhaden (2008), one would 317 

find opposite signs in the two periods as illustrated in Fig. 5.  The wind stress 318 

measured by scatterometers (the upper two panels) provides explanations for the 319 

changes of SSH (the lower two panels).  During 1993-2000, the negative trends 320 

of zonal wind stress in the Pacific imply stronger eastward trade winds, which 321 

forced higher SSH in the western Pacific.  The positive trends of zonal wind 322 

stress in the Indian Ocean imply weaker trade winds, also leading to higher SSH.  323 

The reverse happened during 2000-2006.  Such patterns of wind variability 324 

reflect the oscillation of the atmospheric Walker Circulation as part of the large-325 

scale air-sea interaction.  The Ekman circulation resulting from the change of the 326 

wind led to more export of tropical surface water out of the western Pacific and 327 
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less export out of the tropical Indian Ocean during 1993-2000, with the opposite 328 

happening during 2000-2006.  The combined observations from scatterometer 329 

and altimeter have provided a powerful data base for understanding the 330 

mechanisms for the change of the ocean. 331 

3.2 Ocean mass and bottom pressure 332 

A major surprise from altimetry observations in the 1990s was the large-scale 333 

rapid change of SSH in many regions of the open ocean.  Through modelling 334 

studies these SSH variations were found to be caused by the barotropic motions 335 

of the ocean (Chao and Fu, 1995; Fu and Smith, 1996; Fukumori et al., 1998).  336 

However, direct observations of such motions were difficult in part owing to 337 

their large scales.  To confirm the altimetry observations of a 25-day oscillation 338 

in the Argentine Basin that were consistent with barotropic dynamics (Fu et al., 339 

2001), three bottom pressure recorders were deployed to form a triangular array 340 

of dimension of about 400 km in the middle of the basin over a topographic 341 

ridge (Hughes et al., 2007).  One of the recorders failed, but the remaining two 342 

provided interesting observations showing the existence of three forms of 343 

variability with one of them corresponding to the altimetry observations. 344 

 345 

The advent of the GRACE Mission has opened a new door to the measurement 346 

of ocean bottom pressure by measuring the variability of Earth’s gravity field 347 

caused by the variations of ocean mass, which lead to variations of ocean bottom 348 

pressure (Tapley et al., 2004).  Because of the limitation of spatial and temporal 349 

sampling, however, the scales resolved by GRACE are monthly and larger than 350 

about 500 km. Chambers (2006 a, b) demonstrated the utility of the GRACE 351 

observations for estimating the ocean-mass-induced sea level variations and 352 

estimated the RMS measurement errors to be about 2.5 cm in equivalent SSH at 353 

monthly time scales with 500-km smoothing. Chambers and Willis (2008) 354 

showed consistency between GRACE-derived ocean bottom pressure and 355 

independent estimates from the differences between altimeter-measured SSH 356 

and Argo-derived steric component of SSH in the North Pacific Ocean on 357 

seasonal to interannual time scales.  Bingham and Hughes (2006) demonstrated 358 

favorable comparisons of seasonal bottom pressure variations determined from 359 

GRACE and that from an ocean model in the North Pacific Ocean.  Zlotnicki et 360 

al (2007) and Ponte and Quinn (2009) also found favorable comparisons of the 361 

bottom pressure derived from GRACE with estimates from data-assimilative 362 

model calculations in the Southern Ocean.  Ponte and Quinn (2009) also 363 
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demonstrated the utility of the GRACE observations for studying mass exchange 364 

between ocean basins (also see Chambers and Willis, 2009).   365 

 366 

The most significant impact of GRACE on the study of ocean mass is probably 367 

the determination of the contribution of ocean mass to the budget of the global 368 

mean sea level variations to be discussed in the next section.  However, the 369 

synergy of GRACE and altimetry observations for ocean circulation studies is 370 

probably best demonstrated by a recent study of an anomalous warming event in 371 

the Southern Ocean (Boening et al., 2011).  As reported by Lee et al. (2010), the 372 

SST over a large area (35-55 S, 110-160 W) of the Southern Ocean exceeded 373 

recorded maximum in the region by 5 standard deviations in late 2009.  The 374 

nature of the ocean circulation during this event was revealed in Fig. 6 (from 375 

Boening et al., 2011) showing coincidental positive anomalies in ocean bottom 376 

pressure derived from GRACE and SSH from altimetry.  As shown in Fig. 6 the 377 

SSH and ocean bottom pressure anomalies in late 2009 also reached their 378 

respective record high.  The nearly same values of SSH and ocean bottom 379 

pressure indicate that the rise in SSH is primarily related to a convergence of 380 

ocean mass into the region leading to a high bottom pressure, and not caused by 381 

a warming of the water column.  Simultaneous Argo float observations indicated 382 

that the SST anomalies were confined to the upper 50 m, consistent with the 383 

conclusions from the GRACE and altimetry observations.   384 

 385 

The time series of ocean bottom pressure and altimetry SSH in Fig. 6 indicate 386 

that the ocean variability in the region is dominated by barotropic dynamics in 387 

accordance to Chao and Fu (1995) and Fu and Smith (1996).  The wind stress 388 

curl anomalies derived from scatterometer observations revealed a large-scale 389 

anti-cyclonic vortex over the region of the warming (not shown).  Using the 390 

wind-driven barotropic vorticity equation Boening et al (2011) were able to 391 

simulate the observed ocean bottom pressure anomalies.  The anti-cyclonic wind 392 

pattern was consistent with a high-pressure system which was believed 393 

responsible for the SST anomalies due to reduced evaporative cooling and the 394 

advection of warm waters from the north to the region (Lee et al., 2010). 395 

3.3 Global mean sea level change 396 

There has been substantial progress made in the past decade in monitoring and 397 

understanding global mean sea level change.  The capability of making this 398 

precise measurement from space has provided a unique global perspective for 399 

assessing the extent and consequence of climate change.  TOPEX/POSEIDON 400 
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provided the first demonstration of the feasibility of measuring the global mean 401 

sea level change with an accuracy better than 1 mm/year from an optimally 402 

designed altimeter mission (Nerem and Mitchum, 2001).  Jason-1 and 403 

OSTM/Jason-2, of a similar design, have extended the sea level measurement 404 

from 1992-present.  Through extensive cross-calibration efforts conducted by an 405 

international science team, the time series of the global mean sea level exhibits 406 

smooth transitions over the overlap periods of adjacent missions (Fig. 7).   407 

 408 

The dominant signals are seasonal and interannual variations reflecting the 409 

global water cycle (Llovell et al., 2011)  Note the amplification of the seasonal 410 

cycle during the 1997-98 ENSO event, which also caused an anomalous increase 411 

in water vapor averaged over the global ocean derived from the microwave 412 

radiometer measurement onboard T/P (Keihm et al., 2009).  These observations 413 

suggest that an ENSO event has a significant effect on the global hydrological 414 

cycle.  The study by Boening et al (2012) demonstrated that the recent 415 

slowdown of the global mean sea level rise was caused by more water storage on 416 

land than ocean during a La Nina event.  The salinity measurements from 417 

recently launched satellite missions such as SMOS (Soil Moisture and Ocean 418 

Salinity) and Aquarius hold promise to provide new information on the balance 419 

of precipitation and evaporation over the ocean in relation to the global 420 

hydrological cycle and mean sea level change.  421 

 422 

A clear trend of increasing global mean sea level is shown in Fig 7.  The trend 423 

over the record from 1992-2010 is estimated to be 3.3 mm/yr (Nerem et al., 424 

2010) with an estimated uncertainty of 0.6 mm/yr (Ablain et al., 2009).  Over the 425 

past half century, the partition of the trend of sea level rise is roughly equal 426 

between the effects of water density change and ocean mass change (Domingues 427 

et al., 2008).  As the modern space and in-situ observations become available to 428 

resolve the temporal variability, it has become clear that the rate of sea level 429 

change and its causes vary on all time scales.  Based on upper ocean temperature 430 

observations, Willis et al. (2004) estimated the rate of sea level rise caused by 431 

ocean warming to be 1.6 mm/yr from 1993-2003, accounting for about 2/3 of the 432 

total sea level rise observed by altimetry over the same period.  433 

 434 

The rate of upper ocean warming slowed down after 2004 (Lyman et al. 2010), 435 

leading to a smaller contribution of ocean warming to sea level rise.  At the same 436 

time, estimates from the GRACE observations of mass loss from melting ice 437 

sheets on Greenland and Antarctica suggest an increasing role of the addition of 438 
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ocean mass in sea level rise from 2002-2009 (Fig. 8, from Velicogna, 2009).  439 

The rate of mass loss from the Greenland ice sheet increased from 137 Gt/yr 440 

during 2002-2003 to 286 Gt/yr during 2007-2009.  A similar acceleration of 441 

melting was also observed in Antarctica.  The total rate of mass loss from 442 

Greenland and Antactica combined was estimated to be 532 Gt/yr, or an 443 

equivalent rate of sea level rise at 1.5 mm/yr, almost half of the rate of total sea 444 

level rise. 445 

 446 

A major advance in understanding the variability of global mean sea level is 447 

through simultaneous analysis of altimetry, GRACE, and in-situ observations.  448 

The global Argo float array reached its planned global coverage in 2005.  The 449 

contribution of water density change in sea level has been reliably estimated 450 

globally since then.  Subtracting the density contribution from the total sea level 451 

observations from altimetry, one obtains an estimate of the contribution from the 452 

addition of ocean mass to sea level rise (Fig. 9) (Willis et al., 2010; Leuliette and 453 

Miller, 2009).   454 

3.4 Forcing by the atmosphere and air-sea interaction 455 

For many decades oceanographers have relied on wind measurements from ships 456 

and buoys for studying the ocean’s response to wind forcing and air-sea 457 

interaction processes. Such measurements suffer greatly from the poor sampling 458 

of the global ocean and cannot provide adequate information on the spatial and 459 

temporal variability of the ocean surface wind field.  Radar scatterometry was 460 

first demonstrated by Seasat for global observations of ocean surface wind stress 461 

(Chelton et al., 1990).  Similar scatterometers were flown on ERS-1, -2, and 462 

NSCAT (Quilfen et al, 1999).  These were fan-beam scatterometers that provide 463 

global coverage in about two days for NSCAT and 5 days for ERS-1,2 (Schlax 464 

et al., 2001).  As a quick recovery of the loss of NSCAT after only 9 months’ 465 

operation after launch, QuikSCAT was launched in 1999.  Using a pencil beam 466 

scanning scatterometer design, the SeaWinds scatterometer on QuikSCAT has 467 

provided a decade’s worth of high-quality observations of ocean surface wind 468 

with unprecedented spatial and temporal coverage (Chelton and Freilich, 2005).   469 

 470 

Although scatterometry measures the ocean surface roughness that is directly 471 

related to wind stress, the lack of direct wind stress measurement in the ocean 472 

makes it difficult to translate the roughness measurement to wind stress.  473 

Instead, the roughness measurement is used to estimate the wind velocity at 10-474 

m height under the condition of neutral stability in the atmospheric boundary 475 
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layer above the ocean (Liu and Tang, 1996), using extensive in-situ 476 

measurements of 10-m wind velocity and the contemporaneous stability of the 477 

boundary layer.  This equivalent neutral stability wind can be readily converted 478 

to ocean surface wind stress using a typical bulk aerodynamic formula.  The 479 

accuracy of QuikSCAT wind velocity observations is about 0.75 m/s in the 480 

along-wind direction and 1.50 m/s in the cross wind direction (Chelton and 481 

Freilich, 2005).  The accuracy of wind direction improves with increasing wind 482 

speed.  For wind speeds higher than 6 m/s, the direction accuracy is about 14º 483 

(Chelton and Freilich, 2005). 484 

 485 

Using eight years’ worth of QuikSCAT data, Risien and Chelton (2008) created 486 

a global climatology of the ocean surface wind field.  The wind observations 487 

were interpolated and smoothed onto a 0.25 x 0.25 grid with a resolution 488 

equivalent to 40-km block averaging.  The gridded and smoothed wind stresses 489 

were vector averaged monthly to create seasonal cycle estimates using a 490 

harmonic analysis.  Shown in Fig. 10 are maps of January and July wind stress 491 

curl from the scatterometer climatology and the NCEP climatology (from Risien 492 

and Chelton, 2008).   The seasonal comparison has revealed many small-scale 493 

features in the scatterometer maps that are missing from the NCEP maps.  A 494 

striking feature is the correlation between wind stress curl and ocean currents.  495 

There are several factors causing this phenomenon.   496 

 497 

The wind stress at the ocean surface is determined by the relative motion 498 

between the ocean and atmosphere at the interface between the two fluids.  The 499 

presence of strong currents like the Gulf Stream has appreciable effects on the 500 

wind stress, which is decreased in the along-current direction, creating a positive 501 

wind stress curl perturbation on the seaward side of the Gulf Stream and a 502 

negative perturbation on the landward side. This effect has been discussed in a 503 

number of studies (Cornillon and Park, 2001; Kelly et al., 2001; Chelton et al., 504 

2004).  Taking the effects of ocean currents into account of the wind work on the 505 

geostrophic circulation of the ocean, Hughes and Wilson (2008) estimated a 506 

reduction of the global energy input from the wind into ocean circulation by 20-507 

35% from previous estimates. 508 

 509 

Many of the small-scale features shown in Fig. 10 are manifestations of 510 

complicated air-sea interactions that have been hypothesized (Wallace et al, 511 

1989) and studied with sparse in-situ observations (Hayes et al., 1989) and early 512 

generation of satellite observations with coarse resolution (Xie et al., 1998).  The 513 
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variability of sea surface temperature (SST), especially associated with a front 514 

across ocean currents and eddies, creates modulation of the stability of the 515 

marine atmospheric boundary layer.  When wind blows over a warm ocean 516 

surface, the reduced stability and enhanced vertical mixing allow the upper level 517 

winds to exert more influence on surface wind and increases its speed.  When 518 

wind blows over a cold ocean surface, the increased stability and reduced 519 

vertical mixing inhibit the upper level wind influence on the surface wind and 520 

lead to a decrease in surface wind speed.  These mechanisms have recently been 521 

reviewed by Chelton and Xie (2010).  Although there are more complicated 522 

processes involved in the interaction (e.g., Small et al, 2008; O’Neill et al, 523 

2010), the simple scenario of an interplay between SST and surface wind 524 

provided by Chelton and Xie (2010) is quite useful.  Divergence (convergence) 525 

of wind stress usually takes place when wind blows over a down wind gradient 526 

of increasing (decreasing) SST, while positive (negative) curl of wind stress 527 

usually takes place when wind blows over a cross-wind gradient of SST with the 528 

warmer water on the right (left) side of the wind direction. 529 

 530 

A prominent feature in Fig. 10 is the narrow zonal band of positive wind stress 531 

curl just north of the equator in the eastern Pacific as revealed by the QuikSCAT 532 

observations, but it is less well-defined in the NCEP analysis.  This narrow band 533 

of positive wind stress curl is caused by the northwestward trade winds blowing 534 

over the transition between the eastern equatorial Pacific cold tongue and the 535 

warm water to the north.  The horizontal shear in the westward component of the 536 

wind creates a positive curl of the wind stress field.  In fact, the interaction 537 

between SST and ocean surface wind in the Tropical Instability Waves in the 538 

eastern tropical Pacific was one of the first foci of studies using a combination of 539 

the QuikSCAT observations with microwave SST observations from the TRMM 540 

Microwave Imager (TMI) (Liu et al., 2000; Chelton et al., 2001; Polito et al., 541 

2001; Hashizume et al., 2002).   542 

 543 

Another important feature in Fig. 10 are the narrow bands of wind stress curl 544 

along the eastern boundary currents off the west coasts of South Africa, South 545 

America, Australia, and North America in the QuikSCAT observation, which are 546 

poorly resolved or completely missing in the NCEP analysis.  The negative curl 547 

in the Southern Hemisphere is caused by the poleward along-shore wind 548 

blowing over the cold upwelled water.  The same process in the Northern 549 

Hemisphere creates positive curl because the cold upwelled water is to the left of 550 

the wind as opposed to the right of the wind in the Southern Hemisphere.  The 551 
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band of negative wind stress curl around the southern tip of Greenland is also 552 

missing in the NCEP analysis.  Another notable missing feature in the NCEP 553 

analysis is the dipolar curl associated with the strong winds through the 554 

mountain channels in Central America in winter.  These winds are important 555 

energy source for the energetic ocean eddies propagating westward from the 556 

coast into the interior subtropical Pacific Ocean. 557 

 558 

The study of the interaction between SST and ocean surface wind was primarily 559 

made possible by the advent of microwave SST observations.  The prevalence of 560 

cloud cover over most part of the global oceans has prevented systematic 561 

analysis of the infrared SST observations with sufficient statistical basis. TMI 562 

(TRMM Microwave Imager), launched in 1997 as part of the payload of the 563 

Tropical Rainfall Measuring Mission (TRMM), was the first microwave SST 564 

sensor after the long hiatus since the Seasat SMMR that had demonstrated the 565 

feasibility of microwave SST measurement.  However, the frequency channel of 566 

TMI used for SST estimation (10.7 GHz) was not optimized for SST.  567 

Furthermore the inclination of the TRMM orbit (35 deg) has also limited the 568 

utility of TMI for global studies. The flight of AMSR-E onboard the Aqua 569 

satellite, launched in 2003, has provided the data base for the recent surge of 570 

studies of the relationship between SST and ocean surface wind reviewed by 571 

Chelton and Xie (2010).  The polar orbit of Aqua and the more optimal 572 

frequency (6.9 GHZ) of AMSR-E for SST estimation has remedied the two 573 

deficiencies of TMI mentioned earlier.  Global all-weather observations of SST 574 

are available from AMSR-E every 2 days at a resolution of about 50 km, and 575 

accuracy of about 0.4º C. (Chelton and Wentz, 2005). 576 

 577 

Fig. 11 shows the comparison of AMSR-E SST observations with three other 578 

products from infrared observations and blended in-situ observations in the 579 

Kuroshio Extension region of the western North Pacific Ocean.  All available 580 

data were averaged over a 3-day period of 9-11 June 2003.  The persistent cloud 581 

cover during the 3-day period has rendered the AVHRR image of limited use.  582 

To get reasonable global coverage, in-situ and satellite SST observations 583 

available over a period of 7 days have been merged to produce global analysis 584 

using an optimal interpolation technique (Reynolds et al., 2002).  This product 585 

has been made available by NOAA since 1981.  The Reynolds SST product, 586 

despite its low resolution, did provide sufficient information that allowed 587 

O’Neill et al (2003) to study the SST effects on QuickSCAT wind observations 588 

in the Southern Ocean. Starting in 2001, NOAA began producing a new high-589 
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resolution product from daily averages of blended in-situ and infrared SST 590 

observations on 0.5 x 0.5 grids using a variational analysis technique, referred to 591 

as RTG-SST analysis (Thiebaux et al., 2003).  Although the RTG-SST product 592 

does reveal more detailed small-scale structure in the SST field, especially in the 593 

gradient field, the AMSR-E product is obviously superior to the other products. 594 

 595 

Illustrated in Fig. 12 are the relationships between SST and ocean surface wind 596 

stress reported in Chelton et al. (2004) and Chelton and Xie (2010), using the 597 

AMSR SST and QuikSCAT wind stress observations in two regions of energetic 598 

oceanic mesoscale variability: the Gulf Stream and the Agulhas Current.  Both 599 

SST and wind stress observations were spatially high-pass-filtered to retain only 600 

scales shorter than approximately 1000 km.  The positive correlation between 601 

SST and ocean surface wind stress is clearly demonstrated by the scatter plots of 602 

the SST gradient with wind stress curl and divergence.  In sharp contrast to the 603 

negative correlation between SST and wind stress at scales larger than 1000 km, 604 

the positive correlation at smaller scales indicates that the air-sea interaction is 605 

driven by the spatial variations of SST.  The SST-induced perturbations to wind 606 

stress are able to affect the upper ocean mixing and vertical velocity in 607 

upwelling and down-welling, which in turn affect the SST.  A two-way 608 

interaction between SST and wind stress is established with significant effects 609 

on both the atmospheric and oceanic circulation.  The reader is referred to 610 

Chelton and Xie (2010) for a review. 611 

 612 

One of the best regions to illustrate the two-way interaction noted above is the 613 

Agulhas Current off the southern tip of South Africa.  O’Neill et al. (2005) 614 

conducted the first study of this region using the AMSR-E SST and QuikSCAT 615 

wind stress observations.  They showed that the SST spatial gradient estimated 616 

from the AMSR-E observations was a factor of 5 higher than that from the 617 

Reynolds SST analysis.  Their analysis confirmed the relationship between SST 618 

gradient and wind stress curl and divergence first established by Chelton et al. 619 

(2001) in the eastern tropical Pacific Ocean.  They also showed a positive 620 

correlation between SST and the cloud liquid water content measured by the 621 

AMSR-E, reflecting the effects of SST on vertical mixing in the atmosphere and 622 

the convergence/divergence of wind and moisture transport.  The effects of SST 623 

on cloud formation, upper atmosphere wind, as well as rain rate, have been 624 

found in the region of the Gulf Stream (Minobe et al., 2008).   Liu et al. (2007) 625 

also reported the effects of SST on the overlying atmosphere in the Agulhas 626 

Current region, revealing correlation between SST and cloud top temperature. 627 
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 628 

The effects of SST on low cloud cover are similar to those on ocean surface 629 

wind stress, namely the transition from a negative correlation at scales larger 630 

than 1000 km to a positive correlation at smaller scales.  The negative 631 

correlation between SST and low cloud cover at  large scales causes a positive 632 

feedback to SST through the enhanced solar radiation at surface over warm SST 633 

and cloud-shielding over cold SST (Xie, 2004).  On the other hand, the positive 634 

correlation between SST and low cloud cover at small scales leads to a negative 635 

cloud-radiative feedback on SST. Kelly et al. (2010) analyzed decade-long SSH 636 

and SST data to demonstrate the effects of the ocean’s western boundary 637 

currents on SST and air-sea interaction.  The coupling between SST and wind is 638 

thus important feedback to the forcing of the ocean currents. Proper 639 

representation of these feedback mechanisms in ocean-atmosphere coupled 640 

climate models is a key challenge in the study of climate change. 641 

 642 

As noted in Chelton and Xie (2010), the SST boundary condition in the weather 643 

prediction model run by the ECMWF changed from the low-resolution Reynolds 644 

SST analyses to the high-resolution RTG-SST analyses in 2001, leading to a 645 

dramatic increase in the intensity of wind speed variations in the model outputs 646 

at scales less than 1000 km.  However, the strength of coupling between SST 647 

and ocean surface wind stress in the ECMWF model was much weaker than that 648 

estimated from the observations.  A significant amount of effort has been made 649 

to improve the model’s horizontal and vertical resolution as well as the 650 

parameterization scheme of vertical mixing, leading to much improved 651 

comparison to the observations.  This is an example of the impact of the recent 652 

advancement in ocean remote sensing on the improvement of the understanding 653 

of air-sea interaction processes and the development of coupled ocean-654 

atmosphere models. 655 

 656 

Near-real time satellite altimetry and SST data are also being used to improve 657 

hurricane and cyclone predictions. Hurricanes and cyclones will increase their 658 

intensity as they pass over regions of high SST, and that high SST will be 659 

maintained, despite the strong wind mixing, if the underlying heat content is 660 

large.   In the Gulf of Mexico, the Loop Current regularly pinches off a warm, 661 

anticyclonic ring, which is associated with high sea level and SST, deepening 662 

isotherms in towards the centre and large heat content values. The 663 

NOAA/AOML group uses a simple 2-layer model with altimetry and SST 664 

observations to determine the Tropical Cyclone Heat Potential (TCHP) in the 665 
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tropical Atlantic and the Gulf of Mexico. Figure 13 shows that during Hurricane 666 

Katrina, the surface SST was greater than 28°C everywhere in the Gulf of 667 

Mexico (upper panel), but Hurricane Katrina showed a sharp increase in 668 

intensity and a change in direction as it passed over the warm ring detached from 669 

the Loop Current (lower panel, Goni et al., 2009). Unfortunately for the 670 

residents of New Orleans, the warm ring was located close to the coast, and the 671 

Hurricane maintained its strong intensity till it struck land.  672 

4. Mesoscale eddies and fronts 673 

Since the start of the 21
st
 century, there has been a renewed interest in the 674 

monitoring and understanding of mesoscale ocean processes and their impact on 675 

climate and operational oceanography. This has been enhanced by the 676 

improvement in ocean monitoring from satellite missions, by the improved in-677 

situ data coverage and collection, and from the increased resolution from global 678 

ocean models and assimilation schemes. If the 1990s were characterized by 679 

improved observations and theories on mesoscale eddy processes (e.g. Le Traon 680 

and Morrow, 2001), the decade from 2000 onwards has been accompanied by 681 

the development of global operational oceanography applications steered by the 682 

GODAE project (GODAE, 2000). The operational requirements have led to an 683 

improvement not only in the quality and quantity of remote sensing data in near-684 

real time, but also in the long-term data processing chains, including re-analysis 685 

products based on the complete time series, which have been invaluable for 686 

mesoscale circulation and climate studies.  687 

4.1 Mapping the eddy field 688 

Satellite altimertry has provided the mainstay for the long term monitoring of the 689 

ocean mesoscale field over the last 20 years. However, the number of altimetric 690 

missions in flight varies over time, and the quality of the data is continually 691 

upgraded as the time series evolves. Today we are able to calculate more precise 692 

tidal corrections, orbits, marine geoids and mean sea surface and dynamic 693 

heights, which can be applied to earlier missions to improve their quality in re-694 

analysis products (e.g. Dibarboure et al., 2011). Since 1992, the altimetric 695 

missions include the 10-day repeat TOPEX/Poseidon mission (followed by 696 

Jason-1 in 2001; and Jason-2 in 2008), the 35-day repeat ERS-1 & -2 and 697 

Envisat missions, and the 17-day repeat Geosat Follow-on mission, launched in 698 

1999. In addition, the T/P and then Jason-1 missions were moved to a tandem 699 

“inter-leaved” orbit, after their successors (Jason-1 and Jason-2) were launched 700 
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and validated, providing complementary sampling. The ensemble of these 701 

altimeter missions provides a complicated ground sampling pattern, and most 702 

scientists rely on the weekly gridded altimetric sea surface anomaly fields, 703 

which map the altimetric data using optimal interpolation, and are produced by 704 

AVISO (Le Traon and Dibarboure, 2002; Dibarboure et al., 2011). 705 

 706 

Two versions of the weekly gridded altimeter maps exist. The first is the 707 

SSALTO/DUACS “Reference” time series, based on a two satellite 708 

configuration (either TOPEXPoseidon & ERS or Jason-1,-2 & Envisat) which 709 

provides uniform sampling from October 1992 onward. This Reference time 710 

series is mainly used for long term mesoscale climate variability studies, and 711 

particularly for interannual to decadal variability. The second version is called 712 

the “Updated” mapped time series, which includes all of the available altimetric 713 

missions. The Updated time series, with more observations each week after 714 

1999, has a better representation of the amplitude and energy of the smaller 715 

mesoscale eddy field and is used extensively for short term process studies and 716 

for operational analyses. Both the 2-altimeter “Reference” series and the multi-717 

altimeter “Updated” series provide a good representation of the larger mesoscale 718 

variability, greater than 150-200 km wavelength. The mesoscale mapping 719 

capabilities of the different altimetric data products are discussed in detail in 720 

Dibarboure et al. (2011), Chelton et al. (2011) and Morrow & Le Traon (2011). 721 

 722 

To illustrate the mapping capabilities of the “Reference” or “Updated” series, 723 

studies have compared the mapped altimetric data with simulations from a high-724 

resolution ocean general circulation model. With two altimeters in the T/P-ERS 725 

“Reference” configuration, Le Traon and Dibarboure (2002) found that sea level 726 

could be mapped with an accuracy of better than 10% of the modelled signal 727 

variance, while velocity can only be mapped with an accuracy of 20-40% of the 728 

signal variance. Pascual et al. (2006) merged four altimeters flying from October 729 

2002 to September 2005 (Jason-1, Envisat, T/P interleaved with Jason-1, GFO) 730 

to improve the estimation of the mesoscale surface circulation in the “Updated” 731 

series. Although similar spatial and temporal smoothing was applied, having 732 

more observations available between the standard tracks improved the mapping 733 

capabilities. In areas of intense variability, the root-mean-square (rms) 734 

differences between SSH maps from two altimeters (the “Reference” series) and 735 

those from four altimeters (the “Updated” series) can reach up to 10 cm in SSH, 736 

and up to 400 (cms
-1

)
2
 in EKE. 737 

 738 
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Inspired by the need to have better resolution of narrow swift currents in coastal 739 

regions, a number of groups are re-analysing the alongtrack altimetric data to 740 

improve their quality in the coastal zone. This means improving the quality of 741 

certain altimetric corrections, such as the tide correction, atmospheric high-742 

frequency forcing correction and the wet troposphere correction, so they are 743 

better adapted to the smaller space scales and rapid time scales of the coastal 744 

dynamics. Data editing is also modified for the coastal dynamics and the 745 

alongtrack filtering is refined (e.g. Roblou et al., 2011). This specific tuning has 746 

allowed monitoring of coastal currents of 20-40 km width in the NW 747 

Mediterranean Sea (e.g., the Liguro-Provencal current) (Bouffard et al., 2008; 748 

Birol et al., 2010), in the Bay of Biscay (Le Henaff et al., 2010; Dussurget et al., 749 

2011), or along the Indian coast (Durand et al., 2008).  750 

 751 

Smaller-scale mesoscale eddies have also been revealed off Majorque using 752 

combined altimetry and gliders (Bouffard et al., 2010), and in the Bay of Biscay 753 

from multi-altimeter data (Dussurget et al., 2011). In this latter study, the 754 

improved alongtrack altimetric data revealed a large number of low energy, 755 

small-scale eddies in the nearshore region with fewer, larger and more intense 756 

eddies offshore. The nearshore eddies with scales of 50-70 km were located 757 

close to bathymetric gradients in documented eddy-generation regions, and their 758 

evolution to fewer but larger-scale eddies offshore (~ 110 km) could be evidence 759 

of the upscale cascade of two-dimensional geostrophic turbulence. Altimetry and 760 

tide gauges have also been combined to give better sea level coverage in coastal 761 

regions (e.g. Saraceno et al., 2008). 762 

 763 

Efforts are currently underway to develop regional gridded altimetric products, 764 

using improved alongtrack data processing and less horizontal smoothing in the 765 

mapping process, for the period from 2001/2002 onwards when 3-5 altimeters 766 

are in flight. These improved regional gridded products aim to provide a better 767 

representation of the smaller mesoscale dynamics revealed in the alongtrack 768 

data.  Regional products, with latitudinal varying mapping scales, have been 769 

developed at higher 1/8° resolution, in the Mediterranean Sea (Pujol and 770 

Larnicol, 2005; Pascual et al., 2005), the Black Sea and in near-real time for the 771 

Mozambique channel
1
.  Variable mapping scales are also being developed which 772 

take into account the bathymetric constraint on eddies (with longer alongshelf 773 

                                                        
1 http://www.aviso.oceanobs.com/en/data/products:sea-surface-height-

products/regional/index.html 
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scales, smaller cross-shelf scales), or varying nearshore-offshore scales (e.g. 774 

Dussurget et al., 2011).  775 

4.2  Wavenumber spectra and the ocean energy cascade 776 

The ocean’s energy flux through different spatial scales, the energy cascade, is a 777 

fundamental problem for ocean dynamics, which has been studied extensively 778 

with numerical models but is difficult to observe on a global scale, except 779 

recently with satellite observations. Quasi-geostrophic turbulence theory predicts 780 

that baroclinic energy in the ocean tends to cascade from both small and large 781 

scales towards the deformation radius of the first baroclinic mode (10-100 km), 782 

where the energy is converted into barotropic energy (vertically uniform 783 

structure), which then cascades towards larger scales, the so-called “inverse 784 

cascade”.  785 

 786 

This energy cascade can be observed using alongtrack altimetry, by examining 787 

the spectral energy of the ocean at different horizontal scales (i.e. in 788 

wavenumber, k, space), and at different locations. Ocean wavenumber spectra 789 

exhibit a power law like k 
–p

.  For mesoscale eddy motions, the theory of quasi-790 

geostrophic turbulence is thought to apply, leading to a k
-3 

spectrum for kinetic 791 

energy, or k 
-5

 for SSH. Le Traon et al (2008) using multiple altimeter data sets 792 

have suggested that the SSH spectrum in high eddy energy regions is closer to k
-793 

11/3 
than to k

-5 
and consistent with the theory of surface quasi-geostrophic 794 

turbulence that takes the effects of the surface boundary into consideration.  795 

However Xu and Fu (2011) showed the wavenumber spectral slope in the 796 

wavelength range of 70-250 km varies globally, revealing slopes ranging from -797 

4 in high eddy-energy regions to close to -1 in low eddy-energy regions (Figure 798 

14). The shallower slopes in the lower eddy energy regions are puzzling, 799 

because they would imply white or even blue spectrum for ocean kinetic energy 800 

given the geostrophic assumption.  The nature of the SSH variability at these 801 

scales in the low eddy energy region is still being explored. 802 

 803 

 Scott and Wang (2005) made the first calculation of the energy cascade in 804 

wavenumber space based on 2D observations using gridded satellite altimeter 805 

data.  Their results revealed an inverse cascade at scales larger than the 806 

deformation radius.  Because altimetry observations are primarily the 807 

perturbations of sea surface height associated with the motions of the first 808 

baroclinic mode, the observed inverse cascade is not consistent with the quasi-809 

geostrophic turbulence theory which allows an inverse cascade only for the 810 
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barotropic modes.  Scott and Arbic (2007) investigated the problem further and 811 

demonstrated that the inverse cascade is indeed dominated by baroclinic modes 812 

in a quasi-geostrophic model simulation.  Later it was found that the theory of 813 

surface quasi-geostrophic turbulence could explain the inverse cascade of upper-814 

ocean baroclinic energy (Capet et al., 2008). 815 

 816 

Qiu et al (2008) applied the technique of Scott and Wang (2005) to studying the 817 

seasonal energy exchange process between the mean flow and eddy field of the 818 

Subtropical Counter Current in the South Pacific Ocean. They found that the 819 

instability of the mean flow generated meridionally elongated eddies that, 820 

through eddy-eddy interactions, transformed into zonally-elongated eddies.  The 821 

energy was thus transferred from eddy scales to larger zonal scales in an 822 

anisotropic inverse cascade process.  These observations provide one of the first 823 

demonstrations of the detailed mechanism of energy exchange between mean 824 

flow and eddy variability and the transformation of scales. 825 

4.3 Seasonal and interannual variations in eddy energy 826 

The long altimetric time series has revealed how the ocean eddy energy is 827 

varying over time, and from one region to another.  These observations of 828 

locally varying eddy fields have inspired a large number of investigations on the 829 

dynamics of this eddy adjustment in relation to larger-scale ocean variations. 830 

Long-lived ocean eddies may exist for 3 months to a few years, and during this 831 

time their surface mixed layer is continually modified by seasonal forcing, 832 

although their eddy cores remain intact at depth.  So amongst various sensing 833 

techniques, altimetry is particularly suited to studying the long-term evolution of 834 

mesoscale eddies, as it responds to the depth-integrated eddy structure.  835 

 836 

For example, the North Pacific Subtropical Counter Current (NPSTCC) around 837 

20°N has been shown to have a well-defined seasonal modulation in its EKE 838 

field (Qiu, 1999). Using a 2 ½ layer model to represent the vertically-sheared 839 

NPSTCC-North Equatorial Current system, they found that the observed 840 

seasonal modulation reflected the intensity of baroclinic instability of the 841 

sheared current system. In the South Pacific, Qiu and Chen (2004) detected high 842 

EKE bands with well-defined annual cycles along the eastward-flowing surface 843 

currents of both the South Tropical Counter current (STCC) between 21°–29°S 844 

and the South Equatorial Counter current (SECC) centered near 9°S.  Once 845 

again, the seasonal variation in the intensity of baroclinic instability was found 846 

to be responsible for the seasonal modulation of the STCC’s EKE field around 847 
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25°S (Figure 15). However, the seasonal modulation of the SECC’s EKE field 848 

around 10°S was mainly generated by the seasonal variation in the intensity of 849 

barotropic instability associated with seasonal changes in the strong horizontal 850 

shear of the SECC–SEC system. Recently Qiu and Chen (2010) analyzed 851 

decade-long SSH data in the North Pacific and discovered interannual variability 852 

of the EKE of the Kuroshio Extension in relation to the effects of the PDO on 853 

the stability of the Kuroshio Extension.  854 

 855 

Brachet et al. (2004) have analyzed the temporal evolution of the monthly EKE 856 

over an 8-year period (from December 1992 to December 2000) and investigated 857 

the relationship with the wind stress in several regions. Their results follow 858 

previous studies which link seasonal EKE variations at high latitudes to seasonal 859 

wind stress variations, although other forcing mechanisms may also be important 860 

as discussed by Eden and Boning (2002). Clear EKE interannual variability was 861 

revealed. They hypothesized that a contraction of the subpolar and subtropical 862 

gyres due to the North Atlantic Oscillation (NAO) could explain a reduction of 863 

the eddy activity in the North Atlantic Current, in the Newfoundland basin and 864 

in the Azores Current.  Penduff et al. (2004) also found that strong NAO events 865 

after 1994 were followed by gyre-scale EKE fluctuations with a 4–12-month lag, 866 

and then studied the complex and nonlinear adjustment processes with the aid of 867 

a numerical model. Altimetric EKE variations have also been studied in the 868 

Mediterranean Sea (Pujol and Larnicol, 2005) and in the Bay of Biscay 869 

(Cabellero et al., 2007) where the regional variations have been investigated in 870 

relation to different forcing mechanisms (varying wind stress, coastal currents, 871 

etc).  872 

In the Southern Ocean south of Tasmania, interannual variations in EKE can be 873 

linked to interannual changes in the position and strength of the Sub-Antarctic 874 

Front (Morrow et al., 2002). Over the entire Southern Ocean, the EKE variations 875 

also show a lagged response to the principal climate mode forcing from the 876 

Southern Annular Mode (Meredith and Hogg, 2006); and can also be modified 877 

regionally by ENSO (Morrow et al, 2010). The mechanisms which generate the 878 

observed 2 year lag in eddy energy have also been explored with model 879 

simulations (Hogg & Blundell, 2006; Morrow et al., 2010). The delay in EKE 880 

was caused by a positive feedback in the model; the increased potential energy 881 

creates favorable conditions for baroclinic instability, which increases eddy 882 

activity and the eddy momentum transfer to deeper layers. There, interaction 883 

with the bottom topography induces a stronger meridional deep circulation 884 
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which is intrinsically more unstable, increasing in turn the EKE. This feedback 885 

continues until the excess of large-scale potential energy is consumed.  This 886 

example illustrates how the observed EKE variations from remote sensing can 887 

stimulate theoretical and modeling analyses, to give us an improved 888 

understanding of the interplay between the large-scale circulation changes and 889 

the eddy adjustment processes.  890 

4.4 Tracking individual eddies 891 

Although the ocean is a turbulent system, long-term altimetric monitoring of the 892 

global ocean mesoscale signal has shown that the instabilities propagate in an 893 

organized way. One fundamental property of the larger, long-duration ocean 894 

mesoscale instabilities is that they are in quasi-geostrophic balance and can be 895 

influenced by the rotation of the Earth (beta-effect). Movies of ocean sea level 896 

anomalies show a continual movement of mesoscale eddies towards the west at 897 

all latitude bands, except in regions of strong eastward currents or topographical 898 

obstacles.  899 

 900 

A major discovery in the 1990s from the time series of multi-mission altimetry 901 

data was that the sea level anomalies propagated westward with a wave speed up 902 

to twice as fast as that predicted from linear Rossby wave theory (Chelton and 903 

Schlax, 1996). This observational discovery led to a host of revised theories on 904 

Rossby wave propagation, which took into account the vertical shear in the 905 

background flow, bathymetric effects, etc (for a review see Fu and Chelton, 906 

2001). Although the difference between these revised theories and the observed 907 

propagation speeds has been reduced, the observed propagation speeds remain 908 

faster than theory predicts.  909 

 910 

Most of the difference occurs at mid to high latitude, and Chelton et al. (2007) 911 

raise the question of whether the observed propagation is due to Rossby waves at 912 

these latitudes, or whether the instabilities are associated with isolated non-linear 913 

vortices. Non-linear vortices also propagate westward (Cushman-Roisin et al., 914 

1990) but interact differently with the background flow. Unlike Rossby waves, 915 

they also transport heat, salt and tracers in their core waters, which can have 916 

consequences for the mid-latitude tracer budgets (see section 4.6). In addition, 917 

many studies using in-situ observations to determine the vertical structure of 918 

mid-latitude sea level anomalies analyse a vertical “eddy” structure (Carton and 919 

Chao, 1999; de Ruitjer et al., 1999; Morrow et al., 2003) although Roemmich 920 
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and Gilson (2001) suggest that their subsurface temperature anomalies in the 921 

North Pacific mid-latitudes appear “wavelike”. 922 

 923 

A number of studies have tracked the propagation pathways of individual eddies 924 

at mid to high latitudes using the mapped multi-mission altimetric sea level 925 

anomalies. Different automatic eddy tracking techniques have been developed 926 

and tested on altimetry data, based on the Okubo-Weiss parameter (e.g. Isern-927 

Fontanet et al., 2003); the skewness of the relative vorticity (Niiler et al., 2003); 928 

criteria based on sea level contours (Fang and Morrow, 2003; Chaigneau and 929 

Pizarro, 2005; Chelton et al., 2011); wavelet decomposition of the sea level 930 

anomalies (e.g. Lilly et al., 2003), or a geometric criterion using the winding 931 

angle approach (e.g. Souza et al., 2011). In the Agulhas retroflection region, the 932 

separation of warm-core Agulhas rings and their propagation into the south 933 

Atlantic provides the main mechanism of interocean exchange here (see de 934 

Ruitjer et al., 1999 for a review). The number of Agulhas warm-core rings 935 

generated varies from year to year, and their pathways can vary in response to 936 

interannual changes in the South Atlantic gyre strength.  However, depending on 937 

the tracking technique used, there can be differences in the number of eddies 938 

detected, their duration, and their propagation velocities (Chelton et al., 2011; 939 

Souza et al., 2011). 940 

 941 

A recent global analysis of eddy trajectories by Chelton et al. (2011) confirms 942 

that eddies exist nearly everywhere in the world’s ocean (Figure 16a). There are 943 

6% more cyclones than anti-cyclones with lifetimes > 4 months, however eddies 944 

with the longest lifetimes and longest propagation tend to be anti-cyclonic. 945 

There are quiescent regions with very few eddies in the northeast and southeast 946 

Pacific Oceans. There may be weak eddies in the region, but with amplitudes or 947 

space scales that are smoothed out by the mapping process. The small number of 948 

eddies in the tropical band is attributed to the difficulty in tracking low latitude 949 

eddies because of their fast propagation speeds and large spatial scales. However 950 

this region is also one where the linear Rossby wave signal dominates. 951 

 952 

Eddies form nearly everywhere in the world oceans, but their formation rates are 953 

highest in the strong western boundary currents, the eastern boundary current 954 

systems, the Circumpolar Current or near bathymetric gradients (Chelton et al., 955 

2011). The global distribution of eddy formation supports the conclusions of 956 

previous studies that the generation mechanism is principally due to baroclinic 957 
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instability of the vertically sheared flow, especially in regions where the flow 958 

has a non-zonal component (see Smith, 2007, and references therein). 959 

 960 

The eddy amplitudes reflect the maps of global EKE, i.e. individual eddies have 961 

larger amplitudes in the western boundary currents and along the Antarctic 962 

Circumpolar Current (Figure 16b). The mean eddy radius scales decrease from 963 

around 200 km near the equator to about 75 km at 60°S (Figure 16c). At mid to 964 

high latitudes, these scales are much larger than the baroclinic Rossby radius at 965 

which energy is input to the ocean from baroclinic instability. The larger eddy 966 

scales are consistent with the upscale transfer of energy that is expected from the 967 

surface quasi-geostrophic turbulence theory (e.g. Capet et al., 2008), if we are 968 

observing “mature” eddies. However, it is likely that we are missing part of the 969 

smaller-scale, newly formed eddies in these analyses which are smoothed out by 970 

the mapping process at mid-to-high latitudes.  971 

 972 

A key feature that distinguishes the observed mesoscale eddies from linear 973 

Rossby waves is their nonlinearity. This can be assessed from the ratio of the 974 

maximum rotational fluid velocity U within the eddy interior to its translation 975 

speed, c. When this non-dimensional parameter U/c exceeds 1, there is trapped 976 

fluid within the eddy interior (Samelson and Wiggins, 2006). The eddy can then 977 

transport heat, salt, carbon, and biogeochemical properties such as nutrients and 978 

phytoplankton (see section 4.6), and have an important influence on the global 979 

budgets for these tracers. The mean value of U/c exceeds 1 poleward of 20° 980 

latitude in both hemispheres, reaching values of 10-15 in eddy rich regions 981 

(Figure 16d, after Chelton et al., 2011). So 99% of the extratropical eddies in 982 

this analysis were nonlinear by this U/c metric. The westward propagation speed 983 

of these nonlinear eddies is very close to the phase speed for non-dispersive 984 

baroclinic Rossby waves.  985 

 986 

In terms of their direction, most eddies propagating more than 1000 km had 987 

pathways differing by less than 15° from due west. However, consistent with the 988 

theory for the propagation of large, nonlinear eddies (Cushman-Roisin et al., 989 

1990), there are small opposing meridional deflections of cyclones and 990 

anticyclones. As noted regionally by Morrow et al. (2004), and globally by 991 

Chelton et al. (2011), long-lived cyclones tend to propagate poleward, and 992 

anticyclones tend to propagate equatorward. This implies a net equatorward heat 993 

flux from these long-lived eddies. The basic “rules” of westward or meridional 994 

propagation can be overturned in regions of strong mean currents or strong 995 
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bathymetric steering. Eddies are advected by the mean circulation in the NW 996 

Pacific (Isoguchi and Kawamura, 2004); in the ACC (Hughes et al., 1998; Fu 997 

2009), and in the North Atlantic (Brachet et al., 2004). 998 

 999 

Eddy corridors also exist in a large number of regions, created by bathymetric 1000 

gradients at eastern boundaries, such as the Leeuwin Current region (Fang and 1001 

Morrow, 2003), or by perturbations of a current intersecting with an island, 1002 

which occurs near the Canary Islands (Sangra et al., 2009), or Hawaii (Yoshida 1003 

et al., 2010). As an example, de Ruitjer et al (2005) analysed eddies and dipoles 1004 

South of Madagascar.  They observed the regular formation of dipoles around 1005 

south Madagascar, where the East Madagascar Current (EMC) separates from 1006 

the shelf. Two periods of enhanced dipole formation coincided with the negative 1007 

phases of the Indian Ocean Dipole and the El Niño cycles, suggesting a 1008 

connection between these tropical climate modes and the dipole train formation.  1009 

A very regular train of dipoles started in December 1999 and continued through 1010 

2000. They stayed remarkably coherent and triggered an unusually early 1011 

retroflection of the Agulhas Current in late 2000. Thus, interannual variability 1012 

originating in the equatorial climate modes of the Indian Ocean can impact on 1013 

the variability of the Agulhas retroflection and associated ring shedding.  1014 

4.5  Surface currents from multi-sensor mapping 1015 

Weekly surface current products resolving mesoscale eddy fields have been 1016 

developed based on altimetric geostrophic currents, Ekman currents from 1017 

scatterometry-based ocean vector winds, and satellite SST. These products 1018 

include the Ocean Surface Current Analyses Realtime (OSCAR; Bonjean & 1019 

Lagerloef, 2002), Mercator SURCOUF (Larnicol et al., 2006) and the CTOH 1020 

current product (Sudre & Morrow, 2008). The differences in these products 1021 

depend on the algorithms used for deriving geostrophic currents at the equator, 1022 

in the models of wind-driven turbulence, and the inclusion of an adjustment to 1023 

the currents from sea surface temperature gradients.  These satellite-based 1024 

products compare well with in-situ surface drifters, particularly in the high eddy 1025 

energy regions. Their advantage over the in-situ data is regular space-time 1026 

sampling. 1027 

 1028 

Mesoscale surface velocities have also been derived from a variety of satellite 1029 

surface fields using feature tracking techniques. The Maximum Cross 1030 

Correlation technique tracks the displacements of small-scale features on high-1031 

resolution images of SST or ocean color, and attributes them to advection by 1032 
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ocean currents (e.g. Bowen et al., 2002). These fine-scale advected currents are 1033 

available only in cloud-free regions, but can be blended with altimetric 1034 

geostrophic currents for better coverage. Feature tracking of mesoscale 1035 

structures has also been applied to surface height fields from altimetry (Fu, 1036 

2009), and from microwave SST maps using singularity or multi-fractal analyses 1037 

(Turiel et al., 2008; 2009).   1038 

 1039 

Very fine scale cross-track surface currents can also be derived from Synthetic 1040 

Aperture Radar (SAR) data (e.g.; Liu and Hsu, 2009; Johannessen et al. 2005, 1041 

Rouault et al., 2010). In addition the two antennas on TerraSAR-X make the 1042 

computation of cross track currents possible using along-track interferometry. 1043 

These methods are very promising for regional applications where SAR data are 1044 

collected. Although intensive processing is required to separate the surface 1045 

current signature from surface waves, internal waves and tide motions, this 1046 

processing is becoming much more routine. Again the fine-scale currents are 1047 

complementary to the altimeter-based geostrophic currents, and blended 1048 

products are possible. ASAR surface current velocities have been used to 1049 

monitor the position and intensity of the Agulhas Current, and have revealed the 1050 

importance of nearshore processes and submesoscale eddies in the overall 1051 

variability of the Agulhas Current system (Rouault et al., 2010).  1052 

4.6 Eddy Fluxes of ocean properties 1053 

Ocean eddies provide an important mechanism for transporting heat, salt and 1054 

nutrients in the ocean. Although eddy transport is small in the ocean interior, 1055 

meridional eddy heat transport plays a dominant role in the heat balance of the 1056 

strong western boundary currents, the Antarctic Circumpolar Current, and the 1057 

tropical oceans (Jayne and Marotske, 2002). If mesoscale eddies are important in 1058 

the lateral transport of ocean tracers, their interaction also helps drive the 1059 

submesoscale filamentation which dominates the vertical transport (Ferrari, 1060 

2011). Global satellite observations provide a unique opportunity for estimating 1061 

eddy transport and diffusion. This is an active field of research since eddy 1062 

diffusivity impacts on ocean mixing.  1063 

The first global maps of observed eddy diffusion were based on geostrophic 1064 

turbulence theory and global eddy statistics of altimetric eddy properties such as 1065 

eddy kinetic energy, and eddy length and time scales (e.g., Stammer, 1998). 1066 

Mean temperature and salinity gradients, obtained from climatological data, 1067 

were then used to compute the mean eddy transport of heat and salt. Over the 1068 
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last decade, lateral eddy diffusivity has been derived using dispersion statistics, 1069 

based on surface drifter observations or Lagrangian observations derived from 1070 

altimetric currents (Sallée et al., 2008a; 2011), the altimetric advection of a 1071 

tracer field (e.g. Marshall et al., 2006), or from Microcanonical Multifractal 1072 

Formalism (MMF) applied to altimetric maps (Nievers and Turiel, 2009).  In the 1073 

Southern Ocean, the observed eddy diffusion in the ACC and western boundary 1074 

currents is shown to play a key role in modifying the upper ocean heat budget, 1075 

and limiting the regions where Sub-Antarctic Mode waters can form in winter 1076 

(Sallée et al., 2008b).  1077 

Our understanding of eddy heat transports has greatly benefited in the last 1078 

decade by the availability of concurrent mesoscale altimetry and satellite SST 1079 

fields, and vertical temperature profiles from Argo floats and XBT profiles. Qiu 1080 

and Chen (2005) have estimated the basin-scale meridional eddy heat transport 1081 

in the North Pacific. Their instantaneous calculations of eddy transports with a 1082 

realistic vertical structure were somewhat less than the previous altimetric 1083 

estimates based on climatological temperature gradients alone. The importance 1084 

of subsurface information for determining eddy heat transport was also noted by 1085 

Roemmich and Gilson (2001) who show that the vertical tilt of the eddy core is 1086 

essential in the eddy transport of heat. In the southeast Pacific, Chaigneau et al. 1087 

(2011) showed that the cores of the anticyclonic and cyclonic eddies were 1088 

located at different depths. The cyclones were formed from instabilities in the 1089 

surface equatorward coastal currents, whereas the anticyclones with deeper cores 1090 

were shed from the subsurface poleward Peru-Chile Undercurrent.  1091 

Time-varying heat budgets for the surface mixed-layer have also been 1092 

established in different oceanic regions (Dong et al., 2007; Sallée et al., 2008b). 1093 

More recently, combinations of altimetry with gliders have highlighted the fine-1094 

scale structure of the mesoscale processes. In the Labrador Sea, altimetry and 1095 

gliders are being used to track eddies spawned from the west Greenland 1096 

boundary current (Hatun et al., 2007). These eddies transport low salinity upper 1097 

waters and warm, saline Irminger waters at depth. Individual eddies can 1098 

contribute to the rapid restratification of the Labrador sea interior after periods 1099 

of deep winter convection, and may help explain why the deep convection 1100 

region is so small, compared to the larger scale atmospheric forcing. 1101 

4.7 Submesoscale dynamics 1102 
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Although the altimeter constellation provides a good constraint on the larger 1103 

mesoscale field, we still cannot adequately sample the smaller mesoscales or 1104 

sub-mesoscales. As the name suggests, the sub-mesoscale concerns the small-1105 

scale features surrounding the mesoscale eddies, or around propagating 1106 

planetary waves. These include the elongated filament structures associated with 1107 

the stirring at the periphery of mesoscale eddies, but also coastal squirts and jets, 1108 

and open-ocean fronts, and smaller vortices.  These structures are ubiquitous in 1109 

high-resolution radiometric SST and ocean color, observed under cloud-free 1110 

conditions. We have only recently started to monitor the surface evolution of 1111 

these structures using space observations, combined with either statistical 1112 

techniques or models.  1113 

 1114 

One solution currently in practice is to combine the high resolution satellite 1115 

altimetry with very-high resolution SST products and/or regional numerical 1116 

models (1-5 km resolution). The high-resolution models allow the sub-1117 

mesoscale features to develop, and the solution can be constrained towards the 1118 

observed altimetric sea level, SST and in-situ observations. Modelling studies 1119 

from the California Current (e.g., Capet et al., 2008) and the NE Atlantic (Paci et 1120 

al., 2005; Klein et al., 2008) have shown that the smaller-scale structures are 1121 

associated with active surface frontogenesis, and as a consequence, trigger most 1122 

of the vertical velocity field in the upper 500 m depth. These smaller-scale 1123 

structures also drive a large part of the horizontal and vertical momentum fluxes, 1124 

and the inverse kinetic energy cascade, which is why they have a significant 1125 

impact on the ocean circulation at larger scales. The vertical exchange in the 1126 

filaments has consequences for the biogeochemical exchanges between the 1127 

surface layers and at depth. It also has an impact on the subduction of mode 1128 

waters, which do not occur along a theoretical north-south gradient as previously 1129 

thought, but are subducted in the filament structures around the mesoscale 1130 

eddies (Paci et al., 2005). The filaments greatly increase the depth range of these 1131 

exchanges, and also increase the density of mode waters subducted. 1132 

 1133 

Efforts are underway to derive these filament structures and upper ocean 1134 

velocity fields from satellite data. The upper ocean 3D velocity fields (u, v, w) 1135 

can be derived from very high resolution surface density observations (or 1136 

satellite SST fields, as a proxy) combined with surface quasi-geostrophic (SQG) 1137 

theory (Lapeyre and Klein, 2006), from the base of the mixed layer down to 500 1138 

m depth. The validity of the SQG technique has been tested with high resolution 1139 

numerical models (Isern-Fontanet et al., 2008) in the North Atlantic. The results 1140 
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show that the SQG technique provides a reasonably good reconstruction of the 1141 

upper ocean’s velocity field, especially in the Gulf Stream and the North 1142 

Atlantic Drift. 1143 

 1144 

The temporal evolution of the surface lateral velocity field, derived from satellite 1145 

altimetry or SST fields, is also being used with Lagrangian statistical techniques 1146 

to derive the evolving smaller-scale dynamical fields. Although the surface 1147 

geostrophic currents from altimetry are non-divergent, the temporal evolution of 1148 

these mapped fields show eddies and meandering jets that interact, creating 1149 

zones of divergence and convergence. Statistical techniques based on Finite Size 1150 

or Finite Time Lyapunov Exponents (FSLE or FTLE; D’Ovidio et al., 2009) can 1151 

be used to derive the filament positions, associated with lateral transport 1152 

“barriers” where larger vertical exchange occurs. These dynamical filament 1153 

structures can be associated with strong SST or ocean color gradients, and can 1154 

be used to delimit different ocean biomass groups (Figure 17; D’Ovidio et al., 1155 

2010) or identify feeding regimes for marine animals (Tew-Kai et al., 2009: 1156 

Cotté et al., 2011). Similarly, these filament positions can be tracked using 1157 

Microcanonical Multifractal Formalism, based on mesoscale SST products 1158 

(Turiel et al., 2008) or altimeter data (Nieves and Turiel, 2009). 1159 

 1160 

The horizontal velocity computed from surface gridded satellite products is also 1161 

being used to stir large-scale tracer fields and in doing so, introduce smaller 1162 

meso to sub-mesoscale structures. These techniques can help position regions 1163 

where frontogenesis is dominated by lateral advection (Klein and Hua, 1990). In 1164 

the subpolar gyre of the North Atlantic, Despres et al (2011) applied lateral 1165 

stirring from altimetry to climatological sea surface salinity fields, and were able 1166 

to improve the gradients and positions of surface salinity fronts in some regions.  1167 

 1168 

Maps based on traditional nadir-looking altimetric configurations have allowed 1169 

us to monitor and understand the larger oceanic mesoscale signals. However, we 1170 

cannot observe the smaller mesoscale and sub-mesoscale signal between the 1171 

tracks, and the background noise of the present generation of altimeters also 1172 

masks the smaller scale signals in the alongtrack data. In the future, the 1173 

technology proposed by the wide-swath SWOT interferometric altimeter aims at 1174 

improving the smaller space-time scales associated with mesoscale eddies and 1175 

coastal zone dynamics (Fu and Ferrari, 2008). For SWOT, two synthetic-1176 

aperture radar (SAR) antennae measure simultaneously the radar signals 1177 

reflected by the rough sea surface. The phase differences between the two 1178 
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signals and the range measurement allow interferometric calculation of the sea 1179 

surface height. The intrinsic resolution of SAR is on the order of a few meters, 1180 

allowing high spatial resolution of the measurements over two swaths of 60 km 1181 

width. After smoothing, the random measurement noise can be reduced over the 1182 

oceans to a level of 1 cm over 1 km x 1 km resolution cells. When these 1183 

missions are finally flown, we expect to have a much better understanding of the 1184 

important interactions between the mesoscale and sub-mesoscale dynamics.  1185 

4.8 Eddies and biogeochemical processes 1186 

Mesoscale eddies have a large influence on phytoplankton distribution, 1187 

biogeochemical cycles and pelagic ocean ecosystems, through their lateral 1188 

stirring and mixing (e.g., Chelton et al., 2011), and through the vertical 1189 

advection of nutrients into the sunlit surface layer (where photosynthesis takes 1190 

place) in and around the eddies (McGillicuddy et al., 1998; Garcon et al., 2001).  1191 

 1192 

The network of satellite ocean color observations provide one of the main tools 1193 

for studying temporal sequences of phytoplankton chlorophyll a (Chla) 1194 

distribution over the global oceans, and have revealed the important impact of 1195 

mesoscale eddies on the chlorophyll and primary production distribution. For 1196 

example, by tracking individual eddies with altimetry and ocean color maps, 1197 

composites can be made of the typical Chla distributions over cyclonic and 1198 

anticyclonic eddies. In regions with a strong northward gradient in Chla, 1199 

composites formed from thousands of eddies show positive Chla anomalies to 1200 

the southwest of eddy centres for cyclones, and to the southeast of the centres of 1201 

anticyclones (Chelton et al., 2011). These patterns are dominated by the lateral 1202 

stirring of the surface chlorophyll distribution by the rotational effects of eddies 1203 

(Killworth et al., 2004; Siegel et al., 2008; Chelton et al., 2011). Other 1204 

mechanisms can modify the “stirred” chlorophyll content, including the trapping 1205 

and transport of marine organisms and nutrients from one biogeographical 1206 

region to another within the eddy cores, and eddy “pumping” or nutrients into 1207 

the euphotic zone from the shoaling of isopycnal surfaces during the 1208 

intensification or decay of eddies (Siegel et al, 2008; and references therein). 1209 

 1210 

Satellite ocean color observations have revealed the ubiquitous distribution of 1211 

fine-scale, high Chla filamentation patterns, related to sub-mesoscale dynamical 1212 

processes. In the past few years, high-resolution model simulations have shown 1213 

that this physical-biological coupling is strongly linked to the sub-mesoscale 1214 

physics, through dynamical restratification, lateral stirring and vertical advection 1215 
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(see Lévy, 2008 for a review). Indeed, frontogenesis triggers intense vertical 1216 

velocities within submesoscale filaments, and thus potentially stimulates primary 1217 

production, even under oligotrophic conditions (Lévy et al., 2001). During 1218 

spring blooms when the nutrients are plentiful, submesoscale dynamics can 1219 

restratify the surface mixed layer, thus accelerating the bloom over specific 1220 

submesoscale features. As noted above, horizontal stirring is also important in 1221 

shaping the ecosystem, and in enhancing or reducing vertical nutrient supplies 1222 

(Lévy and Klein, 2004; Martin et al., 2002).  1223 

 1224 

One of the difficulties in linking the physical and biogeochemical processes is 1225 

that the physics is not instantaneously correlated to the biology; indeed, the 1226 

phytoplankton distribution reflects the cumulative effects of lateral and vertical 1227 

advection, nutrient supplies and other biological processes. Techniques that 1228 

follow the temporal evolution of the flow field provide better descriptions of the 1229 

Chla patterns. This can be provided by Lagrangian statistical techniques such as 1230 

Lyapunov exponents, or through full coupling of OGCMs (ocean general 1231 

circulation models) with biogeochemical models.  For example, Lehahn et al 1232 

(2007) examined phytoplankton filaments with altimetric derived surface 1233 

currents : the phytoplankton filaments were less correlated with instantaneous 1234 

streamlines than with the time-evolving Lyapunov exponents. 1235 

 1236 

In the future, the next generation of altimeters with finer spatial resolution, such 1237 

as SWOT, Jason-CS, in conjunction with high-frequency, high-resolution ocean 1238 

color data on geostationary orbits, will help enable a better monitoring and 1239 

understanding of the phytoplankton distributions at the scale of these filaments. 1240 

5. Summary and Outlook 1241 

This review has highlighted how much progress has been made in the last 1242 

decade in our understanding of ocean circulation from space. One of the key 1243 

outcomes concerns the multi-instrument analysis which helps distinguish the 1244 

different physical components in the ocean and climate system. This is clearly 1245 

revealed in the combined altimetry-gravity mission analyses, which has allowed 1246 

us to better understand the contributions to the global mean sea level rise, and to 1247 

separate the effects of mass changes from the melting glaciers or ice caps from 1248 

steric changes due to a warming ocean.  The synergy between remote sensing 1249 

and in-situ observations is best demonstrated by the analysis of the consistency 1250 
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of global sea level budget though combined use of observations from altimetry, 1251 

satellite gravity measurement, and Argo floats.   1252 

 1253 

The advent of the satellite gravity measurement from the GRACE and GOCE 1254 

missions has greatly improved the knowledge of the geoid at scales approaching 1255 

100 km.  These improvements have made it possible to determine the ocean 1256 

surface general circulation from truly global sampling from space, without any 1257 

spatial bias resulting from uneven sampling from in-situ observations.  The 1258 

dense altimetry observations are also used to minimize spatial sampling bias in 1259 

in-stiu observations from surface drifters and Argo floats for achieving optimal 1260 

estimates of ocean currents at the surface as well as at depths. The temporal 1261 

variability of gravity measured by GRACE over the oceans revealed for the first 1262 

time direct evidence of large-scale redistribution of mass in the ocean on 1263 

seasonal and interannual time scales in response to atmospheric forcing. 1264 

 1265 

The decade-long observations of the global ocean wind field from the 1266 

QuikSCAT Mission has revealed the role of air-sea interaction in the 1267 

measurement of ocean wind from space.  The finding confirmed the 1268 

understanding of the scatterometer measurement of radar backscatter from the 1269 

ocean surface in terms of the relative motion between air and sea responsible for 1270 

the wind stress acting on the ocean surface.  Through the analysis of 1271 

simultaneous scatterometer wind observations and SST observations from 1272 

microwave radiometers, a positive correlation between SST and wind stress is 1273 

discovered at scales shorter than 1000 km, indicating that the air-sea interaction 1274 

is driven by the spatial variations of SST, in sharp contrast to the negative 1275 

correlation at larger scales.  This finding has led to important improvements in 1276 

ocean-atmosphere coupled models. 1277 

 1278 

A major advance in the usage of satellite altimetry data for ocean circulation 1279 

studies is enabled by the advent of gridded SSH fields produced from merged 1280 

observations from multiple missions.  This data set is available on weekly basis 1281 

on Mercator grids of 1/3 degree in latitude from 1993 to present.  It has 1282 

essentially revolutionized the study of ocean circulation, and satellite altimetry 1283 

has become a routine tool for both research and applications.  For example, the 1284 

data have been used for tracking the movement of ocean eddies over the global 1285 

oceans, leading to fundamental advances in the understanding of the mesoscale 1286 

dynamics of the ocean.  The combination of the SSH data with ocean color data 1287 
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gives us enormous insight into the biological coupling associated with mesoscale 1288 

eddies and fronts. 1289 

 1290 

 1291 

Since altimetric sea level rises and falls in response to surface and deep changes 1292 

in the ocean, it provides the strongest constraint for the 4D mesoscale ocean 1293 

circulation estimation through data assimilation. Its unique monitoring 1294 

capabilities are of utmost importance for the development of operational 1295 

oceanography services (e.g. safe and efficient off-shore activities, pollution 1296 

monitoring, environmental management, security and sustainable use of marine 1297 

resources) and for ocean, ecosystem and climate research (e.g. GODAE, 2000).   1298 

However, a number of issues still need to be improved to correctly observe the 1299 

full spectra of ocean processes. Coastal mesoscale data needs to be improved to 1300 

have better coverage and more accurate data available. Accurate mean dynamic 1301 

topographies and bathymetry are also required for a better representation of 1302 

eddy-mean interactions, and the role of bathymetric gradients in generating 1303 

mesoscale instabilities. We are also missing accurate global observations of the 1304 

smaller mesoscale signals, from 10-200 km, which are not well represented with 1305 

the present altimetric coverage. Wide swath altimetry (e.g., SWOT) is also a 1306 

very attractive possibility (Fu and Rodriguez, 2004) with the potential to sample 1307 

the full spectra of ocean variability with a resolution better than 4 to 5 1308 

coordinated conventional altimeters.  1309 
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Fig 1.  Mean dynamic topography derived from satellite altimetry, a geoid 1920 

model, in-situ hydrographic and surface drifter observations (from Rio et al, 1921 

2011) 1922 
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 1924 

 1925 
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 1928 
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 1939 

 1940 

Fig. 2. The dynamic height at 1000 dbar computed from Argo and altimetry 1941 

observations (from Willis and Fu, 2008). 1942 

1943 
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 1947 

Fig. 3  The linear trend of sea level change from 1993-2009 estimated from 1948 

satellite altimetry observations (from Willis et al., 2010). 1949 
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 1952 

Fig 4 a  SSH anomalies derived from satellite altimetry data during 1995-96 1953 

(upper panel) and 2003-04 (lower panel).  From Roemmich et al. (2007). 1954 

 1955 

 1956 

 1957 

Fig 4b. The change in sea level ppressure (contours, hPa) and the change in 1958 

Ekman pumping (myr_1) between an initial 5-yr period centered on 1990 and 1959 

another centered on 1999, from the NCEP–NCAR reanalysis. From Roemmich 1960 

et al. (2007) 1961 

1962 
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 1963 

 1964 

Fig. 5  The linear trend of zonal wind stress (a) from 1993-2000 estimated from 1965 

the ERS scatterometer data, (b) from 2000-2006 estimated from the QuikSCAT 1966 

data.  The linear trend of SSH estimated from satellite altimeter data (c) from 1967 

1993-2006, and (d) from 2000-2006. From Lee and McPhaden (2008) 1968 

1969 
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 1970 

 1971 

Fig 6. Time series of ocean bottom pressure (blue) and SSH (black) anomalies 1972 

averaged over 90°–140°W, 35°–55°S.  From Boening et al. (2011) 1973 
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 1994 

Fig. 7  Global mean sea level computed from altimetry data every 10 days 1995 

(dots).  Blue- from TOPEX/Poseidon; red- from Jason-1; black- from Jason-2.  1996 

The curves represent 60-day smoothing.  Adapted from (Nerem et al, 2010). 1997 

1998 
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 1999 

 2000 

 2001 

Fig. 8 Time series (blue crosses and curves) of ice mass changes for the 2002 

Greenland (left panel) and Antartica (right panel) ice sheet estimated from the 2003 

GRACE monthly observations from April 2002- February 2009. The red crosses 2004 

represent seasonal smoothing. The green line represents a quadratic fit.  From 2005 

Velicogna (2009). 2006 
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 2027 

 2028 
 2029 
 2030 
Fig. 9. Variability in total global mean sea level and its steric and mass 2031 
components. The black lines are the observed (top) total sea level from Jason-1, 2032 
(middle) steric sea level from Argo, and (bottom) ocean mass from GRACE. 2033 
The gray lines show the inferred variability from the complementary 2034 
observations computed as in (1). A 3-month boxcar smoothing is applied to each 2035 
time series. From (Leuliette and Miller, 2009)2036 
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Fig. 10 (top) Global SCOW (Scatterometer Climatoloty of Ocean Winds and (bottom) NCEP99 2067 
wind stress curl maps for (left) January and (right) July. The SCOW fields are plotted on a 2068 
0.25° _ 0.25° grid. The NCEP99 fields are plotted on a grid that has a zonally uniform spacing 2069 
of 1.875° and a meridionally nonuniform spacing that varies from 1.89° at the poles to 2.1° near 2070 
the equator. From Risien and Chelton(2008).2071 
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Fig. 11  Maps of (left) SST and (right) the magnitude of the SST gradient in the 2104 
Kuroshio Extension region of the northwest Pacific constructed from (top to 2105 

bottom) AVHRR, Reynolds, RTG_SST, and AMSR-E for the 3-day-averaging 2106 

period June 9-11, 2003.. The white areas in the top left are regions of persistent 2107 

cloud cover over the 3-day-averaging period. The white areas in the bottom left 2108 

correspond to regions of rain contamination. These white areas expand in the 2109 

derivative fields in the top right and bottom right panels. From Chelton and 2110 

Wentz (2005).2111 



66 

 

Fig 12. Maps and binned scatter plots for two-month averages (January–2112 

February 2008) of spatially high-pass-filtered downwind and crosswind SST 2113 

gradients overlaid, respectively, as contours on the associated wind stress 2114 

divergence (a) and curl (b). The left panels are for the region of the Agulhas 2115 

Current south of Africa.  The right panels are for the Gulf Stream region. Winds 2116 

and SST were obtained from QuikSCA T and AM SR-E, respectively. Positive 2117 

and negative highpass- filtered SST gradient components are shown as solid and 2118 

dotted lines, respectively, with a contour interval of 0.5°C per 100 km and with 2119 

the zero contours omitted for clarity. The binned averages and standard 2120 

deviations were computed over eight January–February time periods.  From 2121 

Chelton and Xie (2010) 2122 

 2123 
2124 
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 2125 

 2126 

Fig. 13. a) Satellite SST and b) altimeter-derived estimates of Tropical Cyclone 2127 

Heat Potential in the Gulf of Mexico on August 28, 2005. The circles in different 2128 

colors indicate the track and intensity of Hurricane Katrina. (courtesy of 2129 

NOAA/AOML). 2130 

2131 
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 2132 

 2133 

Fig. 14. Global wavenumber spectral slope in the wavelength range of 70-250 2134 

km showing slopes ranging from -4 in high eddy-energy regions to close to -1 in 2135 

low eddy-energy regiongs.  .(after Xu and Fu (2011)) 2136 
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 2138 

 2139 

 2140 
 2141 

Figure 15. a) Map of the rms sea surface height variability from T/P+ERS data 2142 

in the South Pacific Ocean. Box 1 highlights the SECC variability, Box 3 the 2143 

STCC variability. b) Zonal velocity shear between 0-600 m for the STCC-SEC 2144 

from monthly climatological data (solid line) compared to altimeter EKE 2145 

(dashed line) (after Qiu and Chen (2004)). 2146 
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 2164 

 2165 

 2166 

Figure 16. Global maps of the characteristics of eddies that were tracked for 16 2167 
weeks or longer in the first 16 years of the merged altimeter dataset (October 2168 
1992–December 2008): a) the trajectories of cyclonic and anticyclonic eddies 2169 
(blue and red lines, respectively); b) the mean amplitude for each 1 square; b) 2170 
the mean scale for each 1 square, defined to be the effective radius at which the 2171 
rotational speed averaged around an SSH contour is maximum; and d) the mean 2172 
nonlinearity parameter U/c (see text). (adapted from Chelton et al., 2010) 2173 
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 2175 

  2176 
 2177 
Figure 17. Ecological and physical sub-mesoscale structure from satellite data. 2178 
(A) Total chlorophyll distribution (μg∕L). (B) Dominant phytoplankton types 2179 
identified from SeaWiFS composite by the PHYSAT algorithm during the 2180 
spring bloom (November 24–December 1, 2001). Colors in B indicate diatoms 2181 
(green), Prochlorococcus (red), Synechococcus (dark blue), nanoeukaryotes 2182 
(yellow), Phaeocystis (magenta), and coccolithophorids (cyan). (C) Initial 2183 
distribution of numerical tracers (August 20, 2001). (D) Distribution of these 2184 
numerical tracers after 3 months of lateral advection driven by altimetry-derived 2185 
geostrophic currents (November 28, 2001). Note the smaller region in D). after 2186 
D’Ovidio et al., 2010. 2187 


